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ABSTRACT: A comprehensive study of the w2200-Ma-old Kuetsjärvi Sedimentary Formation
(KSF), NW Russia, was undertaken to contribute to our understanding of palaeoenvironments
associated with the global perturbation of the carbon cycle between 2330 and 2060 Ma. Closely
spaced drill core samples (n=95) were obtained from a 150-m-thick unit deposited in rift-bound
fluvial-deltaic and shallow-water lacustrine settings with a short-term invasion of sea water. Apart
from a very few de-dolomitised samples, all other carbonate lithologies are represented by Corg-free,
S-poor, quartz-rich dolostones, stromatolites and travertines which have high Sr concentrations
(51–1069 ppm) and low Mn/Sr ratios (2·9�2·1). The carbonate succession, excluding travertines,
shows high �13C (+7·5�0·6‰, n=95) with a limited variation (+5·8 to +8·9‰). Fluctuating �18O
values (10·8–20·4‰) were overprinted during diagenesis, regional greenschist-grade and later
retrograde metamorphism. Several short-term stratigraphic excursions of �13C were apparently
governed by evaporation and CO2 degassing combined with pulses of 12C-rich hydrothermal waters
precipitating travertines. However, the 13C-rich nature of the dolostones reflects the global isotopic
signal, which was modified in a shallow water lacustrine environment by evaporation, enhanced
uptake of 12C by cyanobacteria, and pene-contemporaneous oxidation and loss of organic material.
The best proxies to �13C and 87Sr/86Sr of coeval sea water recorded in the KSF dolostones are likely
to be around +5–6‰ and 0·70406, respectively. The study of the KSF has shown that circumspec-
tion is necessary when attempting to model the behaviour and evolution of the global C-cycle in
Deep Time. Models which purport to explain global oceanic–atmospheric evolution without first
adequately accounting for the possibility that many Precambrian carbonate deposits might be
non-marine, or at least influenced by non-marine fluids, should be viewed with caution.
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The stable isotopic compositions of Ccarb, Corg, S and Sr in the
oceanic reservoir are, in general, relatively homogenous be-
cause their residence times are greater than the mixing times of
the oceanic water mass. This is not the case for the bulk
terrestrial sedimentary reservoir of these elements. However,
carbon represents an unusual case because the oceanic and
continental reservoirs have an interactive link through atmo-
spheric CO2. Correlation between marine and non-marine
environments of deposition using carbon isotope chemos-
tratigraphy has been demonstrated for the Palaeocene–Eocene
boundary (Koch et al. 1992), where an isotope excursion of
�13Ccarb has been correlated between marine carbonates,
palaeosol carbonates and mammalian tooth enamel. Morante
et al. (1994) reported a similar link between marine and
non-marine records for �13Corg at the Permian–Triassic
boundary. These two examples demonstrate that a link
between marine and non-marine carbon reservoirs existed in
the past.

The Palaeoproterozoic is of particular interest for carbon
isotope investigation because it is marked by one of the
greatest positive �13Ccarb excursions and the concomitant
accumulation of stable free oxygen in the terrestrial atmo-
sphere (Baker & Fallick 1989a, b; Karhu & Holland 1996).
This excursion was originally recorded in the Lomagundi basin
(Schidlowski et al. 1976), and lately, has been constrained
between 2330 and 2060 Ma (Karhu 1993). Although the excur-
sion has been best documented on the Fennoscandisn Shield

(Baker & Fallick, 1989b; Yudovich et al. 1991; Karhu &
Melezhik 1992; Karhu 1993; Tikhomirova & Makarikhin
1993; Akhmedov et al. 1993; Pokrovsky & Melezhik 1995;
Melezhik & Fallick 1996), similar, 2330–2060 Ma, isotopically
anomalous carbonate formations have been reported from
other continents (reviewed in Melezhik et al. 1999).

Baker & Fallick (1989b) were the first to recognise the
global nature of this phenomenon and suggested that the
development of Palaeoproterozoic 13C-rich carbonates was
caused by accelerated burial of reduced carbon with subse-
quent release of oxygen and perturbation of the terrestrial
carbon cycle. However, despite the fact that the Palaeoprot-
erozoic isotope excursion has global significance, the geo-
logical data necessary for understanding the mechanism re-
sponsible for �13C values as high as between +8 and +18‰ are
not yet available (e.g. Melezhik & Fallick 1996). The true
global background value of �13C for this period of time
remains a subject for debate (Melezhik & Fallick 1997; Shields
1997; Buick et al. 1998; Melezhik et al. 1999; Bekker et al.
2001). �13C up to +28‰, recently reported from the Nash
Fork Formation on the Wyoming Craton in the USA (Bekker
et al. 2003), represents a further fundamental challenge if such
values are to be interpreted as a global oceanographic signal.

Since Karhu & Melezhik (1992) reported 13C-rich carbon-
ates from the ca. 2200 Ga Kuetsjärvi Sedimentary Formation
(KSF) in the Northeast Transfennoscandian Belt (Fig. 1), this
formation has become one of the main targets for C-isotope
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investigations (e.g. Akhmedov et al. 1993; Pokrovsky &
Melezhik, 1995; Melezhik & Fallick 1996, 2001; Melezhik et al.
2003). 13C-rich carbonates have been traced in the Northeast
Transfennoscandian Belt over a distance of 1000 km (Fig. 1).
The belt appears to be one of continuous geological structures
with 13C-rich carbonate formations, and therefore, it has
become a very important province for studying the spatial
heterogeneity of �13C records.

A companion paper (Melezhik & Fallick 2005) on the
sedimentology, major element geochemistry and depositional
environments of the KSF demonstrated a coastal and shallow-
water lacustrine character for the sedimentary succession. The
present paper describes the carbon, oxygen and strontium
isotope geochemistry of these lacustrine carbonate rocks.

The objectives of the present paper are to describe and
discuss: (1) carbon, oxygen and strontium isotope systematics;
(2) metamorphic/diagenetic overprinting of carbon, oxygen
and strontium isotope systems; (3) links between marine and
non-marine carbon reservoirs; and (4) the significance of the
KSF �13C record for reconstructing the isotopic composition
of Palaeoproterozoic sea water.

1. Sampling sites and material studied

The 120-m-thick KSF is one of the lower formations within the
Pechenga Greenstone Belt in NW Russia (Melezhik & Fallick
2005). It is sandwiched between two, 2000-m-thick, subaerially
deposited volcanic formations. Eleven units have been recog-
nised in the KSF succession, and grouped into siliciclastic-
dominated, mixed clastic–dolostone and dolostone-dominated
units (Melezhik & Fallick 2005). The siliciclastic-dominated
rocks form the lower portion of the KSF; the siliciclastic–

dolostone units are developed throughout the formation,
whereas the dolostone-dominated units are associated with the
upper part of the succession (Fig. 2). Micritic dolostones, and
micritic and sparry allochemical dolostones are the prevalent
rocks, and they have been documented in all units. Microbial
dolostones form the essential volume of units VII and X, and
are sparsely developed in Unit VI (Fig. 2). Clastic rocks of
Unit IV, as well as carbonate rocks of units VIII and X,
are typical representatives of Palaeoproterozoic ‘red beds’.
Abundant travertine crusts have been documented throughout
units VII and X (Melezhik & Fallick 2001).

In order to minimise the influence of recent weathering on
the carbon and oxygen isotopes, all samples for the isotopic
study were obtained either from drill-core material or from
operating quarries. Most of the samples have been obtained
from drill hole X (DHX), which was drilled in the central part
of the Pechenga Belt and intersected the complete succession
(Fig. 2). Samples have been collected from the depth interval
from 267 to 395 m. Good drill-core recovery allowed high-
density sampling through the entire formation. The use of drill
cores enables accurate stratigraphic positioning of samples
with respect to one another within the section. One hundred
and eleven samples were obtained from drill-core material,
with the density of sampling ranging from 0·1 to 1·0 m (0·5 m
on average) within the carbonate succession. Ten sub-
milligram microsamples for oxygen, carbon and strontium
isotope analyses for detailed studies were acquired using an
Ulrike Medenbach microcorer, which enables core diameters
from 50 �m to several millimetres to be obtained with a
maximum drilling depth of 1 mm. The microsamples were
cored from 150-mm-thick polished sections stained by
Alizarin-red.

2. Methods

Acid-soluble Ca, mg, Mn and Sr were analysed by ICP-AES at
the Geological Survey of Norway using a Thermo Jarrell Ash
ICP 61 instrument. The detection limits for Mg, Ca, Mn and
Sr are 100, 200, 0·2 and 5 ppm, respectively. The total analyti-
cal uncertainty including element extraction (1�) is �10% rel.

Whole-rock oxygen and carbon isotope analyses were car-
ried out at the Scottish Universities Environmental Research
Centre using the phosphoric acid method of McCrea (1950), as
modified by Rosenbaum & Sheppard (1986) for operation at
100(C. Carbon and oxygen isotope ratios were measured on a
VG SIRA 10 mass spectrometer. Calibration to international
reference material was through NBS 19 and precision (1�) for
both isotope ratios is better than �0·2‰. Oxygen isotope data
were corrected using the fractionation factor 1·00913 recom-
mended by Rosenbaum & Sheppard (1986) for dolomites. The
�13C data are reported in per mil (‰) relative to V-PDB and
the �18O data in ‰ relative to V-SMOW.

Rb-Sr analyses were carried out at the Institute of Precam-
brian Geology and Geochronology of the Russian Academy of
Sciences, St Petersburg, as specified in Gorokhov et al. (1995).
The Rb and Sr concentrations were determined by isotope
dilution. Rb isotopic composition was measured on a multi-
collector MI 1320 mass spectrometer. Strontium isotope analy-
ses were performed in static mode on a Finnigan MAT-261
mass spectrometer. All 87Sr/86Sr ratios were normalised to a
87Sr/86Sr of 0·1194 and measurements of the NIST SRM-987
run with every batch averaged 0·710246�6 (2�mean, n=4).
During the course of the study, the value obtained for the
86Sr/88Sr ratio of the U.S.G.S. EN-1 standard was measured at
0·709181�9 (2�mean, n=2).

Figure 1 Geographical and geological location of the study area. The
star indicates the position of the Tulomozerskaya Formation. The
dashed line shows the axis of the c. 2·0 Ga oceanic separation of
the Fennoscandian Shield (Daly et al. 2001). For a detailed geological
map of the Pechenga Greenstone Belt, see Melezhik & Fallick (2005).

424 V. A. MELEZHIK, A. E. FALLICK AND A. B. KUZNETSOV

https://doi.org/10.1017/S0263593300001152 Published online by Cambridge University Press

https://doi.org/10.1017/S0263593300001152


3. Results

One hundred and eleven drill-core samples were analysed for
major and trace elements, and 96 samples for oxygen and
carbon isotope ratios (Table 1). Strontium isotope ratios were
obtained from 16 selected samples (Table 2).

3.1. Major element geochemistry
Most of the carbonate rocks studied are very impure. They are
rich in clastic quartz and contain 0·5–53·5 wt.% SiO2 (20 wt.%
on average) (Melezhik & Fallick 2005). The quartzite-hosted
lenses of carbonate rocks in units I–V are most enriched in
SiO2 (17–45 wt.%). The dolostone-dominated units VI–VII
contain less SiO2 (0·5–27 wt.%), whereas units IX–XI occupy
an intermediate position (12–37 wt.%). The dolostones contain
only 0·01–5·5 wt.% Al2O3 (1·5 wt.% on average), little K2O
(0·5 wt.% on average) and are almost devoid of Na2O
(0·1 wt.% on average).

Corg concentrations in the dolostones and siliciclastic rocks
are below detection limit of 0·1 wt.%. The average Stot content
in the dolostones is 0·01�0·06 (n=25) with fluctuation from
0·01 to 0·23 wt.%. The associated siliciclastic rocks contain
0·02–0·47 wt.% of Stot (Melezhik & Fallick 2005).

3.2. Mg/Ca ratios of carbonates
Most of the carbonate rocks are dolostones with an Mg/Ca
ratio close to stoichiometric dolomite (Fig. 2, Table 1). The
carbonate rocks hosted by siliciclastic units, and those located
close to contacts with the overlying and underlying volcanic
rocks are partially or entirely de-dolomitised (Mg/Ca=0·05–
0·40). However, there are a few de-dolomitised rocks within
the dolostone-dominated Unit VI (343·2–343·6 m) and within
shear zones (290·5 m; Fig. 2).

3.3. Mn and Sr concentrations in carbonates
The rocks are relatively low in Mn (59–1838 ppm,
360�296 ppm, n=95) and rich in Sr (51–1069 ppm,
174�183 ppm, n=100). In the upper part of the succession,
the Sr concentration increases upwards monotonously from 60
to 600 ppm, starting from 284·5 m (Fig. 3a). This increase
correlates positively with the Mn concentration, although
within a shorter interval, starting from 274 m (Fig. 3a). Al-
though the overall data show no correlation between Mn and
Sr concentrations (r=0·28, n=95), there are two particular
intervals in the succession where a significant positive correla-
tion is observed. One (r=0·84, n=12, >99·9%, if two samples
are excluded; Fig. 4a) occurs in the quartzite-hosted lenses of
de-dolomitised rocks of the lower part of the section (382·1–
344·7 m; Fig. 3a). The other (r=0·85, n=17, >99·9%; Fig. 4a)
appears in the dolostones of the upper part of the section
(272·7–268·0 m).

Although the overall data suggest a weak negative correla-
tion between Sr concentrations and Mg/Ca ratios (r= �0·27),
the de-dolomitised varieties tend to be enriched in Sr (Table 1).
If all the samples are divided into four groups based on the
Mg/Ca ratios of <0·20, 0·20–0·40, 0·40–0·50 and R0·50, this
corresponds to 288 (n=5), 194 (n=6), 188 (n=20) and 126 ppm
(n=64) of Sr. This geochemical trend is consistent with a
similar decrease in Mn concentration, i.e. 723, 706, 437 and
278 ppm. The quartzite-hosted carbonates show a negative
correlation between Mn concentrations and Mg/Ca ratios
(r= �0·49; Fig. 4b).

There are four units in which the dolostones are relatively
enriched in Fe2O3(tot) with respect to the average value of
0·47 wt.%. These are Unit II (0·79 wt.% on average), Unit IV
(1·33 wt.%), Unit VIII (1·10 wt.%) and Unit XI (1·33 wt.%).

3.4. Mn/Sr ratio in carbonates
The rocks are relatively low in Mn and rich in Sr, which results
in a low Mn/Sr ratio (0·4–10, 2·9�2·1, n=95, Fig. 2). The
Mn/Sr>4 is a characteristic feature of the quartzite-hosted
carbonates, tectonically sheared dolostones, and the dolos-
tones adjacent to brecciated zone (Fig. 3a). Mn/Sr ratios stay
low in the upper part of the section despite the elevated
concentration of Mn. This is because the Sr concentration
increases upward in the section at a higher rate as compared
with Mn (Fig. 3a).

3.5. Carbon isotope composition
All dolostones including the de-dolomitised varieties and shear
zones are enriched in 13C throughout the section (Fig. 2),
with overall �13C values ranging from +5·8 to +8·9‰
(+7·5�0·6‰, n=95). One sample obtained at depth 272·7 m
from a 1-mm-thick, post-peak metamorphic, dolomite veinlet
has �13C= �1·4‰.

Four separate �13C excursions have been identified in the
succession, all showing a gradual upward decrease in �13C,
separated by relatively sharp, positive �13C offsets of the order
of 0·5–1·5‰ (Fig. 2). Excursion 1 is not robust because of the
scarcity of �13C data from siliciclastic-dominated units I–IV.
However, the upward decrease in �13C from +8 to +7‰
coincides with the transition from interdistributary areas on
the coastal plain to a shallow-water lacustrine facies. The 1·5‰
positive offset at the base of the following Excursion 2 is
coincident with the switch to more restricted, ephemeral ponds
on the distal braidplain (Melezhik & Fallick 2005). Excursion
2, with a gradual decrease in �13C from Unit V (+8·5‰) to the
middle part of Unit VII (+7·5‰), and the positive offset in
�13C above it, are not readily linked with any obvious changes
in sedimentological features of the rocks. Excursion 3 shows
rather erratic decrease from the middle of Unit VII (+8‰)
towards the top of Unit IX (+7‰), although it is masked by
several departures towards lower �13C values. The overall
isotopic shift, similar to the previous case, cannot be linked
with definite changes in sedimentological characteristics of the
rocks. The third �13C offset of w1‰, at the base of Excursion
4, is defined by a rapid switch in the depositional setting from
a carbonate shoreline to a rift-bound playa-lake (Melezhik &
Fallick 2005). Excursion 4 represents a prominent and rapid
�13C decrease from +7·5‰ to +6·0‰ towards the upper
contact of the succession within an interval of 50 m (Fig. 2).

The lowest �13C values have been measured from the
lowermost and the uppermost parts of the section (Fig. 2). In
the first case, they are associated with the quartzite-hosted
lenses of de-dolomitised rocks within siliciclastic-dominated
units I–IV (Fig. 3b), whereas, in the second case, 13C-depletion
is related to the contact with the overlying volcanic rocks (Fig.
3b). The dolostones of mixed siliciclastic-dolostone Unit V
and dolostone-dominated Unit VI are most enriched in 13C
(�13C= +8·4‰, on average). Despite the complexity in the
stratigraphic variation of �13C, the overall data show a more-
or-less normal distribution (Fig. 5a), suggesting no obvious
secondary alteration. Overall, �13C values exhibit very little
dependence on sample position with respect to the brecciated
and sheared zones (Fig. 3b).

3.6. Oxygen isotope composition
�18O fluctuates within a large range, i.e. 10·8–20·4‰, with an
average value of 16·8�2·4‰ (n=95). Although �18O exhibits a
different trend with respect to �13C, four separate excursions
can be identified (Fig. 2). The first shows irregular fluctuations
through Unit II. The second exhibits gradual increase from
Unit V (11‰) through Unit VII (19‰). The third is character-
ised by a decrease from 20‰ to 14‰ towards the lower shear
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zone (Figs 2 & 3b). Excursion 4 represents a prominent and
rapid �18O decrease from 20‰ to 13‰ towards the upper
contact of the succession within an interval of 50 m (Fig. 2).

A slight depletion in 18O (16‰<�18O<18·5‰) has been
measured from Unit X dolostones, and from those located in
or near the sheared zone (Fig. 3b). The lowermost �18O values
(<16‰) are associated with the quartzite-hosted lenses of the
de-dolomitised rocks within siliciclastic-dominated units I–IV,
as well as with the upper part of the section (Fig. 3b). The main
dolostone body shows a symmetrical, gradual �18O decrease
from the centre (19·5‰) towards the brecciated and sheared
zone with chlorite veinlets (17·0‰; Fig. 3b). When all �18O
data are plotted against the carbonate concentrations (Ccarb),
the rocks with �18O<16‰ and those with �18O>16‰ are
distributed along different regression lines (Fig. 4c). Although
both subsets exhibit a positive �18O–Ccarb correlation, the
samples most depleted in 18O are characterised by a stronger
dependence of �18O on Ccarb. Overall, �18O values reflect
sample positions with respect to the brecciated, sheared zones
and siliciclastic facies. The gradual �18O decrease in the upper
part of the section is related to both the stratigraphy and the
contact zone (Figs 2 & 3b) and it is coherent with the fourth
excursion of �13C. One sample obtained at depth 272·7 m from
a 1-mm-thick, post-peak metamorphic, dolomite veinlet shows
�18O=6·6‰. A histogram for the overall data shows a �18O
distribution skewed towards lower values (Fig. 5b), suggesting
secondary alteration.

3.7. Carbon and oxygen isotopes versus Mn and Sr
concentration and Mg/Ca and Mn/Sr ratios
The overall data show a weak positive correlation between
�13C and �18O (r= +0·37, n=95). However, if the quartzite-
hosted, de-dolomitised rocks are plotted separately from other
dolostones, both subsets are characterised by a significant,
positive correlation (r=0·53 and r=0·63, respectively; Fig. 4d).
Interestingly, different intervals may show a negative �13C-
�18O correlation. The correlation is highly positive between
268·0 and 298·4 m (r=0·77, n=38, >99·9%; Fig. 4d, upper

panel), whereas it is significantly negative between 315·1 and
346·4 m (r= �0·52, n=29, >99·0%; Fig. 4d, lower panel). The
first interval characterises units VII–XII, and the second Unit
VI and the lower part of Unit VII (Fig. 2).

Mn/Sr ratios do not show a significant correlation with �13C
(Fig. 4e). The overall data suggest a strong, negative Sr-�13C
correlation (r= �0·63, n=95, >99·9%; Fig. 4f). This is mainly
driven by two subsets, namely by dolostones from the upper
contact zone (274·0–268·0 m, r= �0·43, n=20; Fig. 4f), and
those hosted by siliciclastic-dominated units I–V from the
lower part of the section (r= �0·70, n=14; Fig. 4f). The rest of
the data show no correlation (r= �0·03, n=50; Fig. 4f).

The relationship between �18O values and Mn/Sr ratios is
rather complex. The dolostones from different intervals plot on
a �18O-Mn/Sr diagram in different fields (Fig. 4g). The dolos-
tone hosted by siliciclastic-dominated units I–VI with the
lowest �18O values and highest Mn/Sr ratios shows no corre-
lation between these two parameters. The dolostones from the
upper contact zone show no correlation, whereas the dolos-
tones from the brecciated and sheared zones show a positive
correlation (r=0·56, n=17; Fig. 4g). The rest of the samples
exhibit no correlation. A �18O–Mg/Ca cross-plot displays a
significant, positive correlation (r=0·44, n=91, >99·9%) if five
de-dolomitised samples are excluded (Fig. 4h, inset). The
Al2O3 concentration tends to correlate negatively with �18O
(Fig. 4i).

3.8. Strontium isotope composition
Ten dolostone samples selected for Sr isotope analysis yielded
87Sr/86Sr ratios ranging from 0·70406 to 0·70623 (Table 2). The
least radiogenic values (0·70406–0·70486) are measured from
the uppermost part of the sequence. These samples contain up
to 8 wt.% insoluble residue, mainly in the form of chlorite, talc
and quartz. 87Sr/86Sr ratios show a significant negative corre-
lation with the Sr concentration (r= �0·89, >99·9%), and a
significant positive correlation with �18O (r=0·86, 99·9%), �13C
(r=0·83, >99·0%) and Mg/Ca ratios (r=0·78, >99%). The most
radiogenic values (0·70560–0·70623) are measured from the

Figure 2 Lithofacies versus Mg/Ca and Mn/Sr ratios, and carbon and oxygen isotopic composition of the
carbonate rocks of the Kuetsjärvi Sedimentary Formation. Large, pale-grey numbers against arrowhead lines
indicate short-term, stratigraphic variations of �13C and �18O. The black arrows and numbers indicate sharp,
positive, �13C and �18O offsets. See text for discussion.
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Table 1 Chemical and isotopic composition of the Kuetsjärvi Sedimentary Formation dolostones*

Depth (m) Sample description Mg (%) Ca (%) Mn (ppm) Sr (ppm) Mg/Ca Mn/Sr �13C (‰) �18O (‰)

Unit XI, mixed siliciclastic-dolostone:
268·0 Calcitised DS 2·75 13·4 652 574 0·21 1·14 +5·9 13·7

Shear zone carbonate rocks:
268·06 Calcitised DS n.d. n.d. n.d. 618 n.d. n.d. +6·0 13·5
268·1 Calcitised DS 9·65 26·8 847 981 0·36 0·86 +7·0 17·5
268·2 Calcitised DS n.d. n.d. n.d. 1069 n.d. n.d. +6·0 13·7
268·6 Calcitised DS 1·90 24·0 771 n.d. 0·08 n.d. +5·8 13·8

Unit X, dolostone-dominated:
268·9 DM n.d. n.d. n.d. 555 n.d. n.d. +6·0 15·2
269·4 Calcitised DM 10·9 22·7 539 651 0·48 0·80 +6·4 14·5
269·5 Calcitised DS 9·91 21·2 616 543 0·47 1·10 +6·5 15·0
269·7 DS 10·3 19·9 620 376 0·52 1·60 +6·7 16·1
269·9 DS 9·22 18·5 293 441 0·50 0·66 +6·2 12·4
270·2 DM 12·8 21·7 539 588 0·59 0·90 +6·6 15·4
270·7 Calcitised DM 9·76 20·2 462 304 0·48 1·50 +6·2 16·4
271·1 Calcitised DM 8·50 21·1 385 358 0·40 1·10 +6·1 15·1
271·5 Calcitised DS 8·21 19·8 231 272 0·41 0·80 +6·5 15·1
271·6 MD 11·6 22·3 424 514 0·52 0·82 +6·4 14·7
272·3 MD 9·8 18·1 231 209 0·54 1·10 +6·7 16·2
272·5 DM 10·7 18·9 234 211 0·57 1·10 +6·8 16·7
272·7 DS 9·83 21·6 229 201 0·45 1·10 +6·7 16·0
273·5 DM 9·98 18·2 150 168 0·55 0·90 +6·9 16·7
273·7 DM 7·76 14·7 154 125 0·53 1·20 +6·9 16·5
274·0 DM 8·17 16·4 149 130 0·50 1·20 +7·1 16·7
275·5 MD 10·8 19·1 153 200 0·57 0·80 +7·4 18·2
276·7 DS 10·7 18·8 77 178 0·57 0·40 +7·6 16·2
277·1 MD 8·48 15·4 237 140 0·55 1·70 +7·2 17·8
277·5 MD 9·32 17·3 230 166 0·54 1·40 +7·2 17·8
278·0 MD 10·6 19·4 231 171 0·55 1·40 +7·1 18·0

Unit IX, dolostone-dominated:
278·8 Calcitised DS 8·20 16·6 225 132 0·49 1·80 +7·0 17·4
279·5 DS 10·6 19·6 147 158 0·54 1·00 +7·1 16·9
282·3 DS 7·70 15·1 234 102 0·51 2·30 +8·9 20·0
283·0 Calcitised DS 7·27 15·5 231 93 0·47 2·50 +7·2 17·1
283·5 DS 7·05 13·5 157 69 0·52 2·20 +7·4 16·8
283·7 Calcitised DS 6·95 14·1 226 66 0·49 3·50 +7·3 17·1
284·5 Calcitised DS 7·44 15·7 235 56 0·47 4·10 +7·5 16·8

Shear zone carbonate rocks:
290·5 CM 1·51 29·2 1078 128 0·05 8·40 +7·5 13·8
293·0 Calcitised DM 8·86 18·6 462 81 0·47 5·70 +7·8 17·5
293·1 DM 9·03 17·9 385 74 0·50 5·20 +7·8 17·1
295·0 DS 8·74 14·4 616 82 0·60 7·50 +7·9 17·1
295·3 DS 8·65 14·6 356 90 0·59 3·95 +7·8 18·6

Unit VIII, mixed siliciclastic-dolostone:
296·5 CD 8·14 14·5 620 96 0·56 6·40 +7·7 17·1
297·4 Calcitised CD 6·78 13·8 462 94 0·49 4·90 +7·8 17·3
297·7 DM 10·2 17·1 470 114 0·60 4·12 +7·6 18·2

Unit VII, dolostone-dominated:
298·4 DM 10·5 20·4 539 126 0·51 4·30 +7·9 17·7
300·4 MD 10·3 18·6 231 78 0·56 3·00 +7·6 17·8
301·7 MD 10·0 17·3 233 91 0·58 2·50 +7·6 18·1
302·4 MD 11·3 20·2 241 109 0·56 2·10 +6·8 18·9
303·4 DM 11·2 19·5 155 124 0·58 1·20 +7·8 18·9
304·0 MD 10·3 18·3 162 103 0·56 1·50 +7·8 19·0
305·0 MD 12·5 22·1 158 124 0·57 1·20 +7·9 19·2
306·3 MD 12·1 21·7 154 92 0·56 1·70 +7·8 19·4
306·9 MD 11·8 21·6 231 85 0·55 2·70 +7·3 18·9
307·3 MD 12·6 22·6 146 92 0·56 1·70 +7·7 19·3
308·9 DS 11·5 20·4 154 101 0·56 1·50 +7·7 19·4
309·7 MD 10·3 18·6 158 106 0·55 1·50 +7·9 19·3
309·9 DM 9·52 16·4 308 85 0·58 3·60 +7·5 19·2
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Table 1 Continued

Depth (m) Sample description Mg (%) Ca (%) Mn (ppm) Sr (ppm) Mg/Ca Mn/Sr �13C (‰) �18O (‰)

310·2 DM 10·7 18·6 119 86 0·57 1·38 +7·2 20·4
311·7 MD 10·3 18·0 159 75 0·58 2·10 +7·9 19·4
314·5 MD 13·0 22·9 147 76 0·57 2·00 +8·0 19·8
314·9 DM 9·28 16·9 230 62 0·55 3·70 +6·7 17·1
315·1 DM 8·57 16·3 231 61 0·53 3·80 +7·7 19·1
316·6 DS and DM 10·2 17·8 237 59 0·57 3·90 +7·7 18·9
316·9 DS and DM 8·42 15·9 154 55 0·53 2·80 +7·3 18·3
317·0 DM 9·62 17·5 227 63 0·55 3·70 +7·5 18·5
317·1 MD 12·9 22·6 241 83 0·57 2·80 +7·4 18·6
317·8 DM 10·2 19·7 230 62 0·52 3·70 +7·5 18·9
319·1 MD n.d. n.d. n.d. 70 n.d. n.d. +7·3 18·8
320·5 Calcitised MD 11·4 23·1 231 79 0·49 2·90 +7·5 18·6
321·0 DM 10·2 20·5 140 73 0·50 2·10 +7·5 18·3
322·0 DM 10·1 17·5 154 68 0·58 2·30 +7·7 18·5

Unit VII, dolostone-dominated:
322·5 MD 12·9 23·3 242 72 0·56 3·20 +7·8 18·8
322·6 MD 13·4 23·1 234 75 0·58 3·10 +7·6 18·0
322·7 DM 13·7 21·2 139 80 0·65 1·73 +7·6 18·4
326·2 DM 9·53 17·3 230 51 0·55 4·50 +7·1 18·2
327·7 Calcitised DM 10·0 20·8 308 72 0·48 4·30 +7·7 17·6
328·3 DM n.d. n.d. n.d. n.d. n.d. n.d. +7·2 17·0
329·3 Calcitised DM 9·3 19·2 395 75 0·49 5·10 +7·9 18·0
332·5 DM 10·9 21·1 379 60 0·52 6·40 +7·7 17·5
334·3 DM 10·0 18·4 154 75 0·55 2·10 +7·9 17·7
335·3 MD 12·0 19·9 100 88 0·60 1·14 +8·1 18·1

Unit VI, dolostone-dominated:
336·2 DS 8·72 14·7 59 65 0·59 0·91 +8·0 18·7
337·4 Calcitised DS 9·09 19·3 246 105 0·47 2·35 +8·3 17·9
337·46 DS n.d. n.d. n.d. n.d. n.d. n.d. +8·3 17·7
339·4 MD 12·8 22·9 155 79 0·56 1·90 +8·2 18·4
340·3 MD 12·9 22·1 243 85 0·58 2·70 +8·4 18·7
342·5 DS 10·1 18·2 308 102 0·56 3·00 +8·6 17·7
342·8 DM 13·5 22·7 235 113 0·60 2·00 +8·6 17·3
343·2 Calcitised DS 6·73 26·3 385 166 0·26 2·30 +8·3 15·3
343·3 Calcitised DS 5·81 27·0 391 161 0·21 2·40 +8·3 14·9
343·6 Calcitised DS 6·52 17·4 185 130 0·37 1·42 +8·4 17·8
344·7 DM 8·79 15·3 234 98 0·57 2·40 +8·8 16·8

Unit V, mixed siliciclastic-dolostone:
346·4 Calcitised DS 8·16 19·2 462 108 0·42 4·30 +8·3 15·4
349·3 DM 11·8 21·2 1155 155 0·55 7·50 +8·4 13·2

Unit IV, mixed siliciclastic-dolostone:
355·5 DS n.d. n.d. n.d. n.d. n.d. n.d. +7·0 12·1
357·1 Calcitised DS 7·62 19·1 1838 246 0·40 7·47 +7·2 11·9

Unit II, mixed siliciclastic-dolostone:
380·7 CD n.d. n.d. n.d. 114 n.d. n.d. +7·4 14·2
380·9 DM 9·72 18·1 1001 135 0·53 7·40 +7·4 11·0
381·1 CD 8·33 12·7 119 103 0·65 1·15 +7·2 11·9
381·2 DM 7·16 11·6 178 107 0·61 1·66 +7·7 14·6
381·4 DM 8·63 16·5 1078 118 0·52 9·10 +7·9 11·4
381·6 Calcitised DM 8·35 17·3 924 138 0·48 6·70 +8·1 11·9

Unit II, mixed siliciclastic-dolostone:
381·65 Calcitised DM 7·23 18·1 847 142 0·40 6·00 +7·5 11·0
382·0 Calcitised DM 7·57 18·3 1309 131 0·41 10·00 +7·7 11·3
382·1 Calcitised DM 6·37 18·0 593 120 0·35 4·94 +7·8 13·8
386·1 Calcitised CD 7·88 16·4 474 281 0·48 1·69 +6·4 10·8
387·6 Calcitised CD 8·66 17·7 481 287 0·49 1·65 +7·0 10·9

*Abbreviations: (CD) crystalline dolostone; (CM) micritic calcite; (DM) dolomicrite; (MD) microbial dolomite; (DS)
dolosparite; and (n.d.) not determined.
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middle and lower parts of the Dolostone Member (Fig. 2). The
analysed samples are devoid of quartz, feldspar and mica
(SiO2=0–1·6 wt.%; Al2O3=0–0·08 wt.%).

Five sub-milligram, micro-cored samples of the individual
travertine laminae from the upper part of the sequence yielded
87Sr/86Sr ratios ranging from 0·7057 to 0·7067 (Table 2),
although with a significant analytical error caused by small
sample weights (1·9 to 2·6 mg) and low Sr concentrations
(Table 2).

A late, post-peak metamorphic calcite vein is marked by
highly radiogenic strontium value of 0·72966 (Table 2).

4. Post-depositional alteration and inferred
resetting in carbon and oxygen isotope systems

The KSF dolostones underwent diagenesis, metamorphism
and concomitant deformation during the c. 1850 Ma Svecofen-
nian orogeny. Thus, the preservation of primary sedimentary
isotope composition may be questioned because, during a long
post-depositional history, diagenesis, deep burial and meta-

morphism had ample opportunity to alter the original isotope
ratios.

4.1. Diagenetic and catagenetic alterations
The mineralogical and geochemical expression of diagentic
alterations of the KSF rocks remains poorly understood.
Apart from diagenetic alteration, the KSF rocks were subject
to catagenetic alteration caused by horizontal and vertical
infiltration of H2S-free reducing fluids (Melezhik 1992). The
catagenetic alteration resulted in bleaching and discoloration
of ‘red beds’, accompanied by reduction of Fe3+ to Fe2+ and
depletion in Fetot concentration (Melezhik 1992).

4.2. Regional metamorphism
The rocks experienced three episodes of deformation (D1, D2

and D3), culminating in amphibolite facies metamorphism.
However, the metamorphic facies show a clear zoning
(Petrov & Voloshina 1995). In the central Pechenga Zone,
at the present-day erosional surface, the KSF underwent
biotite–actinolite metamorphism, which gradually passes into

Table 2 Geochemical, C-O and Rb-Sr isotope data for the Kuetsjärvi Sedimentary Formation dolostones

Sample number Ca
(%)

Mg
(%)

Mn
(ppm)

Fe
(ppm)

Rb*
(ppm)

Sr*
(ppm)

Mg/Ca Mn/Sr �13C†
(‰)

�18O†
(ppm)

87Rb/86Sr 87Sr/86Sr
(measured)

87Sr/86Sr
(initial)

Pale pink and brown micritic dolostone, partially calcitised dolostones and limestone
268·1 26·8 9·65 847 0·78 1750 0·36 0·9 +7·0 17·5 0·0013 0·70435 0·70431
268·2 0·12 1555 +6·0 13·7 0·0002 0·70408 0·70407
269·4a 23·6 6·90 488 555 0·26 750 0·29 0·7 +6·4 14·5 0·0010 0·70459 0·70456

+6·8 16·7
+5·6 12·2

269·4c 21·8 8·61 393 658 0·10 745 0·39 0·5 n.d. n.d. 0·0004 0·70407 0·70406
+7·1 16·4
+6·6 14·2

271·6a 32·0 0·70 483 183 0·45 550 0·02 0·9 n.d. n.d. 0·0024 0·70417 0·70410
+7·2 18·4
+6·5 12·5

271·6c 27·2 4·05 401 290 0·10 345 0·15 1·2 n.d. n.d. 0·0008 0·70414 0·70412
+6·4 18·1
+6·3 13·4

272·7a 20·9 12·3 81 627 0·14 285 0·59 0·3 n.d. n.d. 0·0014 0·70490 0·70486
+5·5 18·3
+5·9 16·7

Sparry dolostones
307·3 21·6 13·2 82 460 0·33 91 0·61 0·9 +7·7 19·4 0·0107 0·70653 0·70620
314·5 22·9 13·1 70 512 0·23 79 0·57 0·9 +8·0 19·8 0·0075 0·70645 0·70623
322·5 23·3 12·9 120 665 0·08 71 0·55 1·7 +7·8 18·8 0·0032 0·70585 0·70575
322·6 22·1 12·8 132 700 0·10 72 0·58 1·8 +7·6 18·0 0·0040 0·70592 0·70579
339·4 23·0 12·8 86 575 0·16 82 0·56 1·0 +8·2 18·4 0·0056 0·70595 0·70578
340·3 21·5 12·9 124 610 0·34 91 0·60 1·4 +8·4 18·6 0·0108 0·70592 0·70560

Micritic dolostone
342·8 21·6 13·2 150 806 0·41 111 0·61 1·4 +8·6 17·3 0·0107 0·70655 0·70622

Post-kinematic calcite veinlet
272·7f 32·7 0·47 292 119 0·27 155 0·01 1·9 �1·4 6·6 0·0051 0·72981 0·72966

Travertine dolomite
16‡ n.d. n.d. n.d. n.d. 0·78 56+10 n.d. n.d. +5·8 20·4 0·7063
15‡ 45·5 20·6 n.d. n.d. 1·04 20+8 0·45 n.d. +5·1 19·9 0·7064
13‡ 45·6 21·4 n.d. n.d. 5·5 96+10 0·47 n.d. +2·4 17·6 0·7057
11‡ 45·4 21·0 n.d. n.d. 0·64 45+20 0·46 n.d. �0·3 15·8 0·7073
8‡ 46·1 20·9 n.d. n.d. 1·06 15+7 0·45 n.d. �5·3 13·3 0·7067

*Rb and Sr contents were determined by standard isotope dilution and solid-source mass spectrometry.
†�13C and �18O data shown in bold-letters are obtained by sequential analysis of dolomite; �13C and �18O data shown in italic are obtained by
sequential analysis of calcite; and (n.d.) not determined. ‡Ca, Mg, �13C and �18O data are from Melezhik & Fallick (2001).
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Figure 3 (a) Mn/Sr ratio and Sr, Mn concentrations and (b) carbon and oxygen isotopic composition versus
main geological features of the Kuetsjärvi Sedimentary Formation. The geological section is modified after
Melezhik et al. 2003. The arrow in (b) indicates the position and isotopic values of 1-mm-thick dolomite veinlets
formed during retrograde metamorphism.
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epidote–amphibolite facies towards the western and eastern
flanks of the zone (Melezhik et al. 2003). The succession
intersected by DHX, from which all the samples for isotopic

study have been collected, is entirely situated within the
biotite–actinolite metamorphic facies. Primary mineral
parageneses of the KSF dolostones are represented by

Figure 4 (a)–(f).
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Figure 4 (g)–(i).
Figure 4 Discrimination diagrams for Kuetsjärvi Sedimentary Formation dolostones. Major correlation trends
are indicated by lines. In (d), the upper inset illustrates a highly positive �13C–�18O correlation (r=0·77, n=38,
>99·9%) for the dolostones located between 268·0 and 298·4 m, whereas the lower inset shows a significant
negative correlation (r= �0·52, n=29, >99·0%) for the dolostones developed between 315·1 and 346·4 m. The
inset in (h) is a Mg/Ca versus �18O cross-plot in linear scale illustrating a significant positive correlation for the
major subset of the data.
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dolomite+quartz+sericite�K-feldspar�calcite. The meta-
morphic parageneses in the biotite–actinolite facies are defined
by the reaction: 3 dolomite+4 quartz+1 H2O/1 talc+3
calcite2+3 CO2 (e.g. Winkler 1979). Drill hole X intersected
partially sheared and brecciated rocks within a narrow
NW–SE trending block bounded by faults which are connected
to one of the major fault zones, the Luchlompolo Thrust (for
details see Melezhik et al. 2003). The thrust defines a relatively
permeable zone. The D3 shearing and brecciation documented
in several intervals is accompanied by sporadic development of
low-temperature chlorite and quartz-chlorite veinlets which
post-date the peak-metamorphism.

4.3. Resetting of the carbon isotope system
Several reversals of the �13C–�18O correlations (Fig. 4d) docu-
mented throughout the succession (Fig. 3b) suggest that the
fate of these two isotope systems were partially decoupled
during the course of post-depositional history. Support for
partial decoupling is provided by the fact that the 18O-depleted
dolostones from the brecciated and sheared zones do not
exhibit a sizeable depletion in 13C (Fig. 3b). Moreover, the
�13C histogram (Fig. 5a) does not suggest post-depositional
isotopic resetting. However, one may argue that the positive
�13C–�18O correlation in two major subsets (Fig. 4d) might
have been caused by partial re-equilibration of both the O and
C isotopic systems. Nevertheless, this is not supported by a
focused isotopic study (Melezhik et al. 2003; Melezhik &
Fallick 2003) based on microcored samples of different carbon-
ate phases which showed that, in the low-grade greenschist
facies conditions, distinct textural components from the same
parental dolostones collected from DHX yielded �13C values
clustering within 1‰. There are no statistical differences
between early dolomicrite, and late void- and fenestra-filling
dolospar (Melezhik & Fallick 2003). However, genetically
different dolomites retain their primary carbon isotopic char-
acteristics. This is in contrast with �18O values, which show up
to a 6‰ range associated with diagenetic/metamorphic reset-
ting (Melezhik et al. 2003; Melezhik & Fallick 2003). However,
isotopic composition of the dolomite veinlet suggests that very
low �13C (�1·4‰) and �18O (6·6‰) fluids were available
during the post-peak metamorphic stage.

Brand & Veizer (1980) and Derry et al. (1992) reported that
Mn and Sr can serve as a tool for calibration of the relative
diagenetic rank of sequences. An increasing degree of post-
depositional alteration leads to Sr depletion and Mn enrich-
ment. Following Kaufman & Knoll (1995), one may assume
that all the dolostones with Mn/Sr ratios exceeding 6·0 were
affected by a post-sedimentary alteration. Surprisingly, the
KSF dolostones show a tendency for positive correlation
between Mn/Sr ratios and �13C values (Fig. 4e), which is
exactly opposite to the predicted alteration trend (e.g. Brand &
Veizer 1980; Derry et al. 1992; Kaufman & Knoll 1995).
Moreover, there are no statistical differences in �13C between
the samples with Mn/Sr>6 and those characterised by lower
Mn/Sr ratios.

Two outstanding intervals showing 13C depletion well below
the average �13C value of +7·5�0·6‰ are located in the lower
and particularly in the upper part of the succession. A partial
isotopic repartitioning may not be ruled out for the lower-zone
samples since they are all from thin lenses within permeable
quartzites marked by Mn/Sr>4–6. However, it does not seem
that the simple alteration scenario can also be invoked for the
explanation of the upward, smooth, �13C decrease from
+7·5‰ to +6·0‰ in the upper part of the succession. This is
because different carbonate phases from the same parental
dolostones collected from the upper part of the succession
show �13C values clustering within 1‰ (Melezhik & Fallick
2003). It seems that very low �13C (�1·4‰) and �18O (6·6‰)
post-peak metamorphic fluids affected only those lithologies
which were subject to deformation, brecciation and subsequent
recrystallisation. Thus, both the trend and the actual �13C
values may be considered to represent a close proxy to the
primary composition of ambient water.

As has been stated earlier, the overall �13C-curve is subdi-
vided into four excursions which are separated by three
relatively sharp, positive, �13C offsets (Fig. 2). These excur-
sions and the offsets have apparently different origin. Excur-
sion 1 and the 1·2‰ offset above it are apparently of a
post-depositional origin caused by diagenetic overprint of the
de-dolomitised rocks in the siliciclastic-dominated units I–IV.
However, excursions 2, 3 and 4, with the two offsets in between
are not associated with any obvious alteration features and
may represent original depositional trends.

4.4. Resetting of the oxygen isotope system
Consideration of �18O and trace element distribution patterns
clearly suggests post-depositional resetting trends which are
accompanied by essentially invariant �13C. It is not surprising
that, in the course of post-depositional recrystallisation of
carbonate phases, the �13C would be buffered by the dissolving
precursor, while the �18O, Mn and Sr would be partially
shifted towards equilibrium with the ambient diagenetic fluids,
because the sediment/water ratios of diagenetic systems (cf.
Banner & Hanson 1990) are about 101 : 102–103:104 for
oxygen, trace elements and carbon, respectively (cf. Land
1992).

In their previous work, the present authors have reported
5–11‰ depletion of the KSF dolostones in 18O, which took
place in the transition from the biotite–actinolite to the
epidote–amphibolite facies as a result of the decarbonation
reaction coupled with isotopic exchange between the carbon-
ates and fluids with an external source of oxygen (Melezhik
et al. 2003). It was also shown that the biotite–actinolite facies
dolostones from DHX are depleted in 18O by 4‰ on average,
as compared to the dolostones of a similar metamorphic facies,
although sampled from the surface (Melezhik et al. 2003). This
was assigned to oxygen isotope exchange of the dolomite with

Figure 5 (a) �13C and (b) �18O histograms for the Kuetsjärvi Sedi-
mentary Formation dolostones.
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the external fluids which migrated through sheared and brec-
ciated zones during the course of retrograde, post-peak meta-
morphic processes (Melezhik et al. 2003). Although this
scenario is in general agreement with the more detailed current
study, several reversals of the �13C–�18O correlations docu-
mented throughout the succession (Fig. 4d) indicate more
complex overall alteration pattern.

The composition of brecciated dolostones and those from
the retrograde sheared zones suggests that post-peak metamor-
phic fluids responsible for the overall downward-shifting of
�18O were relatively rich in Mn and relatively poor in Sr, thus
resulting in the negative �18O–Mn/Sr correlation (Fig. 4g) and
Mn/Sr>4 (Fig. 3a). However, the most severe depletion in 18O
is documented in the quartzite-hosted lenses of quartz-rich,
partially de-dolomitised dolostones. The Mg/Ca–�18O cross-
plot shows no link between de-dolomitisation and depletion in
18O, and suggests that these two processes were decoupled.

Some of these quartzite-hosted dolostones have elevated
Mn/Sr ratios, whereas others do not, which may indicate that
post-depositional repartitioning of oxygen isotopes was caused
by more than one fluid. The quartzite-hosted dolostones with
higher Mn/Sr ratios were probably affected by a fluid of similar
composition to the one which altered the brecciated and
sheared dolostones (Fig. 3a). The others, with lower Mn/Sr
ratios, show close similarity with the 18O-depleted dolostones
from the upper contact zone. Both might have exchanged
oxygen isotopes with a fluid infiltrating along the contact
zones. The positive �18O–Mn/Sr correlation (Fig. 4g) suggests
that this fluid was rich in Mn. However, these geochemical
features are difficult to reconcile with the proposition that the
upper contact zone Sr-rich dolostones represent only a more
altered equivalent of other dolostones. Alternatively, the Sr
dichotomy documented in the succession may be a conse-
quence of differences in the original mineralogy or chemistry of
the precursors, whereas the varied degree of 18O depletion was
a consequence of differences in the nature of altering fluids. A
polyphase alteration and multiple fluid sources are consistent
with several regression trends revealed by various discrimina-
tion diagrams (Fig. 4). However, the smooth, upward �18O
decrease in the upper part of the succession may still represent
the original depositional trend, whereas initial, absolute �18O
values were essentially altered and cannot be reconstructed.
This is supported by the fact that �18O correlates positively
with the largely preserved initial �13C values (Fig. 4d).

The positive correlation and significantly different �18O–
Ccarb gradients observed for the lower �18O (r=0·63, mainly
quartzite-hosted dolostones) and higher �18O (r=0·40) subsets
(Fig. 4c) suggest that the oxygen isotopic composition was
partially buffered by pre-existing carbonate. This also suggests
that the most 18O-depleted dolostones were at a high fluid/rock
ratio. The assumption is consistent with the higher permeabil-
ity of the quartz-rich dolostones and their hosting quartzite
allowing enhanced infiltration of fluids having an external
source of oxygen (i.e. not determined by interaction with
carbonate).

A symmetrical depletion of the main dolostone body in 18O
towards the most permeable brecciated and sheared zones, as
well as the depletion in 18O towards both the upper and the
lower contacts of the entire succession (Fig. 3b), is most likely
the result of isotopic exchange between the carbonates and
fluids with an external source of oxygen. The formation of
chlorite veinlets in the sheared dolostones is additional evi-
dence of such foreign fluids which might have been derived
from a mafic source, i.e. underlying and overlying basalts.
Interestingly, a sharp positive �18O offset documented in the
middle part of the main dolostone body coincides with a
similar offset of �13C (Fig. 2, offset 2). These offsets are

considered to be of primary significance because neither of
them is associated with any alteration features.

5. Significance of high �13C values

The KSF dolostones, like their chronostratigraphic analogues
developed elsewhere (reviewed in Melezhik et al. 1999), have
extreme 13C enrichment. The formation of such 13C-rich
dolostones has been ascribed to the global 2330–2060 Ma
positive excursion of carbonate 13C/12C associated with en-
hanced accumulation of Corg (Baker & Fallick 1989a, b; Karhu
1993). However, �13C of +5‰ to +9‰ documented through-
out the succession cannot be balanced by organic carbon
burial because the KSF dolostones and associated siliciclastic
rocks contain no detectable amount of Corg. Like many other
cases (reviewed in Melezhik et al. 1999), an external basin(s)
would have to be invoked to provide an enhanced Corg burial.
However, it remains unclear whether the isotopic composition
of the KSF dolostones represents a global background value
for the 2330–2060 Ma Ga 13C-rich ocean or whether it was
significantly modified by local factors associated with the
closed/semiclosed lake environment. Theoretically, all combi-
nations are possible because, for the oceanic and continental
reservoirs, there is an interactive link through atmospheric
CO2.

In general, purely cyanobacterial mats are often character-
ised by very high organic productivity (Castenholz et al. 1992;
Jørgensen et al. 1992). Consequently, the rate of biological
uptake of 12C is higher than the rate of carbon diffusion to the
mat (Des Marais et al. 1992). As a result, the dissolved
inorganic carbon reservoir can be extremely enriched in 13C
(Schidlowski et al. 1984). It is well known (e.g. Des Marais
et al. 1992) that both �13Ccarb and �13Corg of recent stroma-
tolitic mats are typically enriched in 13C. This is also valid for
recent calcified cyanobacteria. Many carbonates, which were
precipitated on calcifying microbial mats in Australian lakes,
have �13C of +5 to +10‰ (e.g. Burne & Moore 1987). Thus,
a high rate of biological uptake of 12C in shallow-water
conditions, combined with lower energy settings, may lead to
enrichment in 13C of the whole water column.

The KSF contains abundant stromatolites formed by cy-
anobacteria. However, net bioproduction approximates to
zero, and many carbonate lithologies are highly oxidised rocks
(Melezhik & Fallick 2005). This makes the KSF fundamentally
different to restricted basins with a high level of biological
fixation of Corg where 13C-rich carbonates (or their host)
commonly contain sizeable amount of organic material (e.g.
Bein 1986; Botz et al. 1988; Suchecki et al. 1988; Hollander &
McKenzie 1991). Therefore, organic material produced by
microbial communities in the Kuetsjarvi lake must have been
continuously and efficiently removed. An assumption that all
initial Corg mass buried in the lake sediments might have been
eventually removed in the course of sedimentation and/or
post-depositional alteration raises three crucial questions:
when, why and how did it happen?

In general, cyanobacterial and associated bacterial mats
have a remarkable ability for rapid decomposition and recy-
cling of the microbial biomass with almost zero net production
(Jørgensen et al. 1992). Anaerobic (e.g. sulphate reduction)
and aerobic respiration as well as methanogenesis are common
processes leading to degradation of the microbial biomass
produced. Recycling and subsequent loss of Corg can be
accomplished under a variety of conditions.

The first such scenario is when decomposed and recycled
microbial biomass (e.g. degassed and dissolved) was converted
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to CO2, CH4 or to any other end-products, with the develop-
ment of various fenestrae. Subsequently, these 12C-rich end-
products might have been entirely or partially incorporated
into newly formed carbonates or into earlier carbonate phases
during the earliest stages of burial. Sulphate-rich lakes favour
bacterial sulphate reduction, thus resulting in precipitation of
isotopically light carbonates (Talbot & Kelts 1990). In
sulphate-poor lakes, bacterial methanogenesis is the dominant
process that results in formation of carbonates markedly
enriched in 13C (Talbot & Kelts 1990). This has been reported
from several modern (e.g. Oberhänsli & Allen 1987; Botz et al.
1988; Talbot & Kelts 1990) and ancient lakes (Bellanca et al.
1989; Janaway & Parnell 1989). Surprisingly, comparative
measurements of different carbonate phases from the KSF
dolostones have shown that neoformed carbonates were nei-
ther depleted nor enriched in 13C with respect to the primary
phase (Melezhik & Fallick 2003). Thus, the first scenario does
not appear to be valid for the KSF.

The second scenario envisages a situation when all end-
products of the recycled organic material were removed from
sediments and were efficiently mixed into the dissolved inor-
ganic carbon pool, which, however, was not re-equilibrated
with atmospheric CO2. This would drive the dissolved inor-
ganic carbon pool towards low �13C and result in the precipi-
tation of 13C-depleted carbonates. A degree of depletion in 13C
will positively correlate with the level of bioproductivity
and with the degree of decomposed organic material (e.g.
McKenzie 1985). In fact, this is the most common scenario
documented in many carbonate-precipitating lakes (McKenzie
1985; Bein 1986; Bellanca et al. 1989; Talbot 1990). However,
the very high and relatively constant �13C values of the KSF
dolostones suggest that this mechanism is not applicable to the
Kuetsjärvi lake.

The third scenario envisages the situation when all end-
products of the recycled organic material were removed from
sediments and were efficiently mixed into the dissolved inor-
ganic carbon pool, which, in turn, was subsequently and
rapidly re-equilibrated with atmospheric CO2. This would not
cause any apparent differences in �13C obtained from the local
and global reservoirs. However, such rapid exchange and
isotopic re-equilibration has, to the present authors’ knowl-
edge, not been documented in either modern shallow-water,
stromatolitic, hydrologically closed or partially closed environ-
ments (Burne & Moore 1987; Des Marais et al. 1992), or in
modern and ancient shallow-water, non-stromatolitic, hydro-
logically closed and open, carbonate-precipitating lakes (e.g.
McKenzie 1985; Oberhänsli & Allen 1987, Talbot 1990).
Evidence of isotopic equilibrium between atmospheric CO2

and dissolved inorganic carbon has been reported from a very
few cases of Magadi-Natron stromatolites having �13C of
+2·5‰; however, this could have been purely coincidental
because the stromatolites contain Corg and the vast majority of
samples show �13C ranging from +3 to +5‰, thus they have
not been precipitated in isotopic equilibrium with atmospheric
CO2 (Hillaire Marcel & Casanova 1987).

The fourth scenario, when end-products of the recycled
organic material were efficiently and constantly removed from
sediments and totally lost from the depositional system, may
lead to a significant enrichment of the local carbon reservoir in
13C with respect to the global reservoir. In this case, a global
�13C value will be enhanced, and the isotopic composition of
the KSF dolostones may not represent the global signal.
Furthermore, isotopically light carbon that returned to the
atmosphere might have caused a depletion of the atmosphere
system in 13C on a global scale; this is plausible because there
are numerous such 13C-rich, Corg-poor carbonates in the
Palaeoproterozoic (Melezhik et al. 1999). However, this would

make an even greater difference between the local Kuetsjärvi
and global isotopic signals.

Finally, a fifth possible scenario has been reported from
Lake Bogoria in the Eastern African Rift, where stromatolites
are extensively developed. They ring the whole 16�2 km
basin and mark a mid-Holocene highstand of Lake Bogoria.
Thickness varies from <1 to 50 cm. �13Ccarb typically ranges
from +5·5 to +7·5‰ (Aksnes & Talbot 1998). Lake Bogoria is
a closed, saline, alkaline lake where Corg-poor, high �13C
stromatolites formed because of a long residence time in a
closed lake, and very low CO2 activity in the high-pH waters.
Under these conditions, photosynthesisers suffer extreme
C-limitation, conditions favouring bacteria which can metabo-
lise bicarbonate. The residual bicarbonate, after precipitation
of aragonite and high magnesium calcite stromatolitic laminae,
has very high �13C (M. R. Talbot, personal communication,
2002). Although the fate of Corg initially produced by bacteria
remains to be understood, it is very likely that dead organic
material below the surface of active growth has been rapidly
oxidised.

Tentatively, two final models can be applicable for the KSF
carbonates, although discrimination between them is not pos-
sible on a quantitative basis. However, theoretical consider-
ations, and the natural examples described above, suggest that,
in both cases, the KSF dolostones may not represent a global
signal because of an apparent �13C enhancement by locally
developed high bioproductivity, enhanced uptake of 12C, and
penecontemporaneous oxidation of organic material in cyano-
bacterial mats with the production and consequent loss of
CO2.

A further problem to be addressed is the significance of
evaporitic features observed in several units in the KSF
succession. Evaporitic conditions and a negative water balance
seem to have appeared regularly through the lake history
(Melezhik & Fallick 2005) and may have led to further
modification of the carbon isotopic composition of ambient
lake water. It has been reported that even in highly evaporated
systems such as the coastal sabkhas of Abu Dhabi, Lake Lisan
and the Dead Sea, carbonates have �13C generally ranging
from negative to slightly positive (Parry et al. 1970; Bonatti
et al. 1971; Katz et al. 1977). Layers of isotopically heavy
aragonite or dolomite, and isotopically light calcite commonly
occur in alternating beds in evaporitic settings. Friedman
(1998) suggested that the 13C-rich carbonates formed via
chemical precipitation during strong evaporation, whereas the
calcite formed by bacterial decomposition of gypsum in which
the lighter isotopes were derived from an organic carbon
source (Feeley & Kulp 1957; Neev 1963).

A review of ancient evaporitic carbonates formed at times of
known high sea water–�13C values (Melezhik et al. 1999)
showed that Late Permian carbonates exhibit very high �13C
values and clear evaporitic features. Several Late Permian
palaeobasins marked by pronounced enrichment in 13C, in-
cluding the Delaware, Zechstein and Sverdrup, are remarkably
similar in that they were isolated, intra- or pericratonic depres-
sions, intermittently connected with the open ocean, and
marked by several episodes of evaporation, desiccation and
progradation of carbonate platforms (Beauchamp et al. 1987).
These authors have also suggested that the primary 13C
enrichment of the Late Permian carbonates (up to +7‰) in
such basins, as compared to those precipitated in the coeval
ocean (+1 to +3‰), may only be explained if a number of
local factors were involved. Intense evaporation and 13C
enrichment of surficial brines through escape of CO2 to the
atmosphere during episodic closure of the basins was consid-
ered one of the factors which caused the formation of 13C-rich
Late Permian carbonates.
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From sedimentological and palaeoenvironmental points of
view (Melezhik & Fallick 2005), the KSF succession resembles
those deposited in Late Permian time. Thus, intense evapora-
tion, similar to the Permian closed basins, is considered to be
one of the possible factors which might have further enhanced
the global �13C signal in the Kuetsjärvi lake dolostones.
However, the available data do not allow a quantitative
evaluation of this process.

Table 3 summarises varieties of lacustrine and non-
lacustrine depositional settings in which deposition of carbon-
ates may take place. Although terms used for classification of
the lacustrine basins are not mutually exclusive, Table 3 serves
the present authors’ purpose by illustrating which depositional
settings match major characteristics of the KSF dolostones.
Table 3 suggests that neither recent non-marine nor marine
depositional settings, if considered alone, satisfy the most
prominent features of the KSF dolostones. The most crucial
among them is a combination of high and rather uniform �13C
values, extremely low S and Corg content, and abundant
travertine deposits and ‘red beds’. Thus, based on the isotopic
constraints, an evaporative, alkaline lake, or continental playa-
lake, or coastal sabkha can serve as modern analogues for the
Palaeoproterozoic Kuetsjärvi basin. These depositional set-
tings allow formation of non-marine carbonates coupled with
the efficient removal of Corg by subaerial oxidation. Similar
conclusions on the depositional setting have been reached
based on purely sedimentological data (Fig. 13 in Melezhik &
Fallick 2005). The removal of Corg by oxidation implies a
rather elevated pO2 of the atmosphere, which is witnessed by
the world-wide development of terrestrial ‘red beds’ occurring
prior to and synchronously with the Jatulian–Lomagundi
isotopic event at around 2330–2060 Ma ago (e.g. Melezhik
et al. 1999). Bekker et al. (2004) have recently corroborated a
significant rise of atmospheric oxygen occurring by 2320 Ga.

However, it remains to be understood why the �13C of these
lacustrine dolostones shows very little variation through time,
which is a feature of an open marine environment.

6. Interpretation of �13C and �18O variations

In lake environments, �13C and �18O variation and covariant
�13C–�18O trends are interpreted as a result of inflow-
evaporation balance. Temperature effects, which control the
isotopic composition of meteoric water (Dansgaard 1964) and
isotopic fractionation during carbonate precipitation (O’Neil
et al. 1969), are apparently of secondary significance in hydro-
logically closed basins (Talbot 1990). Temperature effects tend
to be generally subordinate to evaporative- and residence-
related effects (e.g. Stuiver 1970). A high level of covariance
between �13C and �18O has been considered to be most typical
of carbonates precipitated in hydrologically closed lakes
(reviewed by Talbot 1990).

Despite the partial decoupling between the carbon and
oxygen isotopic systems during the post-depositional history of
the KSF, the level of positive correlation between �13C and
�18O remains significant, ranging in different parts of the
succession from 0·52 to 0·77 (Fig. 4d). The correlation seems to
reflect a depositional trend because �13C values were not
significantly overprinted during the post-depositional alter-
ation. Thus, the positive correlation is considered to be indica-
tive of a closed or partially closed lacustrine environment,
which is also in agreement with the sedimentological data
(Melezhik & Fallick 2005).

Since hot-water spring travertine deposits are abundant in
the KSF (Melezhik & Fallick 2001), hydrothermal activity
should have played an important role in the inflow–
evaporation balance of the Kuetsjärvi lake water, similar to
many rift-bound lakes (e.g. Hillaire-Marcel & Casanova 1987;
Renaut & Tiercelin 1993). Furthermore, the Kuetsjärvi hot-
water springs transported CO2 of likely volcanogenic origin
with an initial �13C value of ca. �6‰ (Melezhik & Fallick
2001). Thus, an additional, important feature of the hydrother-
mal waters feeding the Kuetsjärvi lake was their high potential
to influence and modify the isotopic composition of the
13C-rich ambient lake water. Such influence can be invoked to

Table 3 Characteristic features of the Kuetsjärvi Sedimentary Formation dolostones versus various carbonate-precipitating lacustrine and marine
depositional settings: (+) may occur within the depositional setting; and (�) atypical for the depositional setting

Basinal environments Sizeable thickness
of carbonate

rocks

Dolomite Red
beds

Hot-spring
travertine

Low
organic
material

Flat-laminated
stromatolites

Evaporites High
�13Ccarb

Limited
�13Ccarb

fluctuations

Hydrologically open lakes1 + � � + � � � +* �

Hydrologically closed lakes2 + + � + � + + +* +
Deep stratified lakes3 + � � + � � � +* �

Evaporative, alkaline, saline lakes4 � + + + � + + +* �

Continental playa-lakes5 + + + + + + + +* �

Coastal sabkha6 + � + � + + +* +
Pluvial lakes7 + + � + +*
Lagoon + + � � � + + +* +
Open marine + � � � � � � +* +

*For periods with a global scale, high rate of Corg burial.
1 Stuiver (1970), Stiller & Magaritz (1974), Stiller & Hutchinson (1980), Turner & Fritz (1983), McKenzie (1985), Stiller & Kaufman (1985), Bein
(1986), Abell & McClory (1986), Talbot (1990), Ricketts & Johnson (1996), Cohen et al. (1997), and Filippi et al. (1999).
2Rothe et al. (1974), Rothe & Hoefs (1977), Burne & Moore (1987), Bellanca et al. (1989), Nesbitt (1990), Talbot (1990), Talbot & Kelts (1990),
Utrilla et al. (1998), and Fontes et al. (1996).
3Kelts & Hsü, K. J. (1978), Tietze et al. (1980), Botz et al. (1988), Suchecki et al. (1988), Janaway & Parnell (1989), and Talbot & Kelts (1990).
4Friedman (1965), Parry et al. (1970), Turovskiy & Sheko (1973), Katz et al. (1977), Schoell (1978), Eugster (1980), Botz & Von der Borch (1984),
Renaut et al. (1986), Hillaire Marcel & Casanova (1987), Oberhänsli & Allen (1987), Rosen et al. (1988), Bell (1989), Braithwaite & Zedef (1996),
Stein et al. (1997), Vasconcelos & McKenzie (1997), Aksnes & Talbot (1998), Friedman (1998), Finkelstein et al. (1999), and Trichet et al. 2001.
5Amiel & Friedman (1971), Eugster & Hardie (1975), Spencer et al. (1984), McKenzie & Eberli (1987), Suchecki et al. (1988), and Janaway & Parnell
(1989).
6 Levy (1977), Handford (1981), McKenzie (1981), Patterson & Kinsman (1982), and Müller et al. (1990).
7 Reeves & Parry (1965), and DeHon (1967).
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explain middle-scale trends and small-scale fluctuations of
�13C documented in the KSF.

Similarly to modern, hydrothermally influenced, rift-bound
lakes (e.g. Renaut et al. 1986; Renaut & Owen 1988), hydro-
thermal systems of variable temperature and water chemistry
could have been functioning episodically and asynchronously
across the Kuetsjärvi lake, resulting in rather complex tempo-
ral and spatial isotopic patterns of precipitated carbonates.

6.1. Stratigraphic variations of �13C
Excursion 2 starts within a travertine-free section and is
marked by the highest �13C>+8‰ (Fig. 2), which was appar-
ently driven by global factors enhanced by evaporation. A
gradual upward-depletion in 13C of precipitated carbonates
coincides with the appearance of travertine deposits (Fig. 2),
and thus, it is tentatively interpreted to have been caused by a
gradually increased mixing between 13C-rich ambient lake
waters and 12C-rich hydrothermal waters.

The positive �13C shift at the base of Excursion 3 is
associated with decreased volume of travertines (Fig. 2), and,
thus, suggests a relatively reduced input from the 12C-rich
source. However, Excursion 3 starts with a lower �13C value,
as compared with Excursion 2, suggesting that, at that time,
the ambient lake water accumulated a higher proportion of
12C-rich hydrothermal waters. Four short-term, prominent
departures towards low �13C values within Excursion 3 per-
fectly correspond with travertine beds (Fig. 2), again indicating
the increased influence from the 12C-rich source. One 13C- and
18O-rich outlier is considered to represent an exceptionally
high evaporitic environment.

The sharp positive �13C shift at the base of Excursion 4 is
apparently associated with abruptly increased evaporation
and biological uptake of 12C, as indicated by widely spread
red, desiccated, flat-laminated microbialites with dolomite-
pseudomorphed micronodules of apparent sulphates (Fig. 2) in
a playa lake environment (Melezhik & Fallick 2005).

The starting �13C value of Excursion 4 is lower as compared
to the starting point of Excursion 3. Excursion 4 is markedly
distinguished from all previous excursions by a rather rapid
and considerable lowering of carbonate �13C with time. This
does not correspond with a volume of travertine deposits
recorded in the upper part of Unit X (Fig. 2). On the other
hand, similarly to modern rift-bound lakes (e.g. Renaut &
Tiercelin 1993), springs could have been operating at that time
at different locations, providing the necessary 12C-rich source
for the entire lake system. However, mixing with 12C-rich
hydrothermal waters cannot explain the corresponding in-
crease of the Sr concentration (Fig. 3a) since Sr contents are
low in the travertine dolomite (Table 2). Hence, the increased
inflow of 12C-rich hydrothermal waters cannot be considered
as the cause of this negative shift of �13C. Tentatively, a
short-term invasion of sea water to the rift-bound, closed,
Kuetsjarvi basin is suggested to be the cause of rapid lowering
of carbonate �13C in the uppermost part of the KSF. Conse-
quently, �13C around +5‰ might be considered as the proxy
to the coeval open marine signal.

6.2. Lateral variations of �13C
Sixty-nine analyses from surface outcrops incorporated from
previous studies (Melezhik & Fallick 1996), together with the
data from DHX show that �13C ranges from �2 to +9·6‰
over a distance of 150 km of the strike length (Fig. 6). Three
sampling sites (4, 5 and 6) are located in the biotite–actinolite
metamorphic facies, three others (2, 3 and 8) are in the
transition to the epidote–amphibolite facies, whereas four
sampling sites (1, 7, 9 and 10) are situated in the epidote–

amphibolite facies (Fig. 6). Note that only sample site 6 (DH6)
represents the entire thickness of the KSF.

The transition from biotite–actinolite to epidote–
amphibolite facies is defined by dolomite +quartz/
tremolite+calcite2�dolomite�calcite1 (Melezhik et al. 2003).
The authors reported that the transition is characterised by the
formation of calcite2 and recrystallisation of calcite1 and
dolomite, and defined by 13C depletion of calcite2 (z3·0‰)
and calcite1 (1·0–2·0‰) associated with a Rayleigh distillation
process. The dolomite is depleted in 13C by less than 1‰. The
depletion in 13C below these limits was caused by isotopic
exchange between the carbonates and fluid with an external
source of carbon, or mixing with internal non-carbonate fluids
(Melezhik et al. 2003). Thus, the metamorphic processes and
associated fluids were responsible for 13C depletion of the
carbonates in sites 1 and 7–10 (Fig. 6).

However, the dolostones from sites 2 and 3, representing the
transition to the epidote–amphibolite facies, contain samples
with �13C close to +10‰. These values are higher than those
obtained from the lower metamorphic grade sites 4–6 (Fig. 6).
Consequently, metamorphic processes cannot account for such
�13C dichotomy, and syndepositional processes, such as evapo-
rative or biologically driven enhancement, should be invoked
for 13C enrichment. Although the high 13C data in sites 2 and
3 are limited to two samples, taking into consideration a biased
sampling on the surface and the fact that the two 13C-rich sites
do not represent the entire formational thickness, more 13C-
rich samples can be expected. This inference is also supported
by histograms of �13C from sites 2 and 3 which are each
skewed towards higher values (Fig. 6).

7. Significance of 87Sr/86Sr ratios

The 87Sr/86Sr ratios show a wide variation (0·70406–0·70623),
with high 87Sr/86Sr values located in the lower and middle
parts of the sequence (Table 2). The high 87Sr/86Sr fluctuation
may suggest post-depositional resetting. This is also consistent
with the strong negative correlation (r= �0·89, >99·9%) be-
tween 87Sr/86Sr ratios and Sr concentrations. However, the
alteration scenario is in conflict with the significant positive
correlation between 87Sr/86Sr ratios and �13C (r=0·83,
>99·0%) and �18O (r=0·86, 99·9%). It is also in conflict with
the negative correlation between 87Sr/86Sr ratios and the Mn
concentration (r=0·76, >99·0%), which is the opposite of what
should be expected in altered samples (e.g. Veizer 1989). Thus,
the present authors suggest that, given the difference in the
stratigraphic position of the high and low 87Sr/86Sr ratios,
there are apparently two different subsets of carbonates which
were originally precipitated from significantly different fluids.

The strontium isotopic composition of the lower and middle
dolostone units of the KSF (0·70585–0·70623) is comparable
with that obtained from the assumed correlative Tulomozer-
skaya Formation (Akhmedov et al. 2002) in which initial
87Sr/86Sr ratios of restricted marine and non-marine dolomites
(Melezhik et al. 2000) range between 0·70512 and 0·70668
(Gorokhov et al. 1998). In terms of trace elements, the KSF
samples do not show a higher rank of post-depositional
alteration than the Tulomozerskay Formation dolostones
(Mn/Sr=0·05–2·3, Sr=64–115; Gorokhov et al. 1998). Conse-
quently, the 0·70560–0·70623 of the lower and middle dolos-
tones of the KSF may reflect the Sr composition of the
parental non-marine solution. Therefore, the present authors
tentatively suggest that essentially continental water was the
parental solutions because it is commonly characterised by
high 87Sr/86Sr ratios (cf. Wadleigh et al. 1985; Goldstein &
Jacobsen 1987; Veizer 1989; Palmer & Edmond 1989). These
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87Sr-rich waters may have been influenced by the 2000-m-thick
continentally derived (Melezhik & Sturt 1994) basaltic andes-
ites (Sr>400 ppm; Balashov 1995), which have a low initial
87Sr/86Sr ratio of 0·70415 (Balashov 1995). It is assumed that
mixing between the high-87Sr and low-87Sr sources might have
resulted in a moderate 87Sr/86Sr ratio of the ambient lake
water, and consequently, the dolostones of the lower and
middle part of KSF.

The strontium isotopic composition of the upper dolostones
of the KSF (0·70406–0·70486) is comparable with that ob-
tained from the marine dolostones of the assumed correlative
Tulomozerskaya Formation (0·70343–0·70419; Gorokhov
et al. 1998). The least radiogenic value of 0·70406 obtained for

the KSF cannot be explained by additional enhancement from
the volcanic rocks because they have even lower initial values
(0·70415). It also cannot be explained by the enhanced influ-
ence of hydrothermal waters because they precipitated low-Sr
travertines (Sr=10–100 ppm) which have 87Sr/86Sr ratios rang-
ing from 0·7057 to 0·7068. Finally, the significant drop in the
87Sr/86Sr ratio of the uppermost dolostones might indicate a
short-term invasion of marine water to the Kuetsjärvi rift-
bound lake just prior to the voluminous eruption of the
overlying volcanic rocks. Considering that sea water has an
order of magnitude higher Sr concentration than meteoric
waters, even a small portion of sea water may result in a
87Sr/86Sr signal close to marine (e.g. Veizer & Compston 1974).

Figure 6 Metamorphic zoning of the Pasvik-Pechenga Greenstone Belt (modified from Petrov & Voloshina
1995), location of the sampling sites and histograms of �13Ccarb values obtained from the Kuetsjärvi Sedimentary
Formation carbonates by previous (Melezhik & Fallick 1996; Melezhik et al. 2003) and present studies. The black
arrows indicate �13C >+9‰ in dolostones from the epidote–amphibolite facies.
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The scenario of short-term invasion of marine water to the
Kuetsjärvi rift-bound lake is also consistent with the negative
shift of �13C, as discussed in the previous sections.

8. Regional implications

The KSF is the second stratigraphic unit after the Tulomozer-
skaya Formation (Melezhik et al. 1999, 2000) on the Fennos-
candian Shield that has been subject to detailed C, O and Sr
isotopic studies. Although precise radiometric age constraints
are not available for either of these formations, they have been
considered to be correlative, and represent the Jatulian paras-
tratotype and stratotype sections for the Kola and Karelian
regions. In present-day terms, these two formations are sepa-
rated by a distance of over 600 km (Fig. 1), and by complex
geology and structure, and are considered to have been formed
in separate basins (Melezhik et al. 1997). These c. 2200 Ga
basins were located on either side of an apparent, SE–NW-
trending, >600-m-wide, shallow epicontinental sea (Ojakangas
et al. 2001) that originally formed on the continental crust that
experienced a c. 2000 Ga oceanic separation (Daly et al. 2001,
Fig. 1). There are no robust data suggesting that these two
basins were entirely synchronous. However, if they were, then
the thin sedimentary unit deposited in the Kuetsjärvi lake
requires a much lower subsidence rate compared to that of the
Tulomozero basin. An additional difference arises from the
active volcanic setting of the Kuetsjärvi rift-bound lake,
whereas its Karelian counterpart received negligible volcanic
influence.

The Tulomozerskaya Formation comprises a 800-m-thick
magnesite-stromatolite-dolostone-‘red bed’ sequence accumu-
lated in a rift-bound lagoon on the south-eastern margin of the
Archaean craton (Melezhik et al. 2000). The lowermost quartz-
itic sandstones (members A and B; Fig. 7) represent a braided
fluvial system over a lower-energy, river-dominated coastal
plain. ‘Red beds’, forming the middle part of the sequence
(members A and C), were deposited in a low-energy, intertidal
setting such as a protected barred lagoon or bight. Member E
‘red beds’ were accumulated in a playa lake environment. A
significant part of members A–D and F–H comprises flat-
laminated stromatolitic dolostones accreted in either ephem-
eral ponds in peritidal zones, or coastal sabkhas and playa
lakes. The red colouration of the stromatolites indicates their
frequent exposure to air. The presence of tepees, mudcracks,
pseudomorphs after calcium sulphate, halite casts and abun-
dant ‘red beds’ is indicative of the dominance of terrestrial
rather than aqueous environments. Several beds comprise
biothermal and biostromal stromatolites which have been
accreted in settings ranging from shallow-water, low-energy,
intertidal through barred evaporitic lagoonal to peritidal
evaporitic environments. Only a small proportion of dolos-
tones, developed in the middle part of Member B, at the base
of Member D, and particularly, in Member G (Fig. 7), were
deposited in relatively open marine environments (Melezhik
et al. 2000).

The detailed isotopic data available from the previous
(Gorokhov et al. 1998; Melezhik et al. 1999, 2000) and present
studies permit a direct isotopic comparison between the two
supposedly correlative successions. The isotopic signatures
of these two formations are not compatible (Fig. 7), with
the possible exception of their uppermost parts. Obviously, the
formations are of dramatically different thicknesses, but the
C-isotope data rule out the possibility that the KSF is a highly
condensed equivalent of the Tulomozerskaya Formation.
Importantly, the carbon and strontium isotopic record of the
uppermost part of the KSF overlaps with those of the mem-

bers G–H transition of the Tulomozerskaya succession (Fig.
7), suggesting that the carbonates were deposited from similar
fluids. Notably, members B and G–H are the only rocks in the
Tulomozerskaya succession to have been assigned an open,
shallow-water, marine environment (Melezhik et al. 2000).

Thus, the isotopic data suggest three possibilities. First, the
two formations are not coeval if their carbonates formed from
sea water. Secondly, the carbonates of these two formations
formed more or less synchronously, but one or both do not
reflect the isotopic composition of coeval sea water. Finally,
only the uppermost parts of these formations, representing
similar �13C and 87Sr/86Sr trends, might have been precipitated
in isotopic equilibrium with coeval sea water. If two forma-
tions are plotted to inferred time-scale, the �13C and 87Sr/86Sr
trends of the KSF show similarities to Member F–H of the
Tulomozerskaya Formation (Fig. 7, insets). In both cases, the
dolostones are characterised by the lowest �13C (+5 to +6‰)
and 87Sr/86Sr (0·70343–0·70406) ratios. Consequently, the iso-
topic composition of the coeval c. 2·2 Ga Palaeoproterozoic
sea water is considered to be either equal to or below these
values.

9. Conclusions

The c. 2·3 Ga, 150-m-thick KSF, consisting of coastal deltaic
and shallow lacustrine mixed carbonate–siliciclastic sediments,
represents one of the world’s best developed and preserved
sequences deposited during a time of significant perturbation
of the global carbon cycle.

With the exception of some de-dolomitised rocks, all other
lithological varieties, including microbiolites and travertine
deposits, are composed of dolomite. The bulk chemistry is
controlled by clastic quartz (0·5–53·5 wt.% SiO2) and sericite
(0·01–5·5 wt.% Al2O3). The siliciclastic rocks and dolostones
are devoid of Corg. High Sr concentrations (51–1069 ppm) and
low Mn/Sr ratios (2·9�2·1) of the dolostones do not suggest
significant post-depositional alteration.

The entire carbonate succession, excluding the travertines,
shows high �13C (+7·5�0·6‰) with a narrow range (+5·8 to
+8·9‰) that was not controlled by post-depositional pro-
cesses. Strongly fluctuating �18O (10·8–20·4‰) was over-
printed during diagenesis within permeable sandstone beds, as
well as during regional greenschist-grade and later retrograde
metamorphism. The 87Sr/86Sr ratio ranges from 0·70406 to
0·70623.

The formation of 13C-rich, Corg-free dolostones in the
Kuetsjärvi basin is ascribed to the global 2·4–2·06 Ga positive
excursion of carbonate 13C/12C; if there was associated
enhanced accumulation of Corg it occurred in an external
basin. High positive �13C-�18O correlation (r=0·52–0·77) is
indicative of a closed lacustrine environment. Several short-
term stratigraphic excursions of �13C have been apparently
governed by evaporation, and biological uptake of 12C com-
bined with the influence of 12C-rich hydrothermal waters
delivered to the lake by travertine-depositing springs. The
lateral depletion in 13C of carbonates across the Pechenga
Belt was largely controlled by metamorphic reactions in the
transition from biotite–actinolite to epidote–amphibolite
facies.

The most significant lowering of �13C (down to +5·8‰) and
87Sr/86Sr (down to 0·70407) is assigned to a short-term inva-
sion of sea water into the lake. Although the 13C-rich nature of
the KSF dolostones reflects the global isotopic signal (appar-
ently around +5‰), it was, however, enhanced by locally
developed evaporation, high bioproductivity, enhanced uptake
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of 12C and penecontemporaneous oxidation of organic mate-
rial in cyanobacterial mats, with the production and conse-
quent loss of CO2 in subaerial and shallow-water lacustrine
environments.

The carbon and strontium isotope stratigraphy suggests that
the bulk carbonates of the KSF and its Jatulian correlative in
Karelia apparently do not reflect the isotopic composition of
coeval sea water. The upper portions of both formations
suggest the best proxy to �13C and 87Sr/86Sr of coeval sea water
to be around +5‰ and 0·70340–0·70400, respectively.
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